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Abstract

We present a simple conceptual model in which the entire lithosphere is in steady-state failure
equilibrium—brittle failure in the upper crust and ductile creep in the lower crust and upper man-
tle—in response to finite, buoyancy-related plate tectonic forces. We demonstrate that, in the con-
text of finite plate driving forces, high crustal strength provides a first-order constraint on the rate at
which intraplate lithosphere deforms. For strike-slip stress states and moderate intraplate heat flow
(~60 £ 6 mW m2), average strain rates are less than 10717 s~1, consistent with the upper bounds
imposed by rigid-plate assumptions inherent in plate tectonic reconstructions as well as with aver-
age intraplate strain rates measured by very long baseline interferometry (VLBI). Because regions of
higher heat flow are characterized by low effective viscosity in the lower crust and upper mantle, the
available plate driving forces are sufficient to cause faster creep at depth (and higher seismicity
rates in the overlying brittle crust) than in in regions of lower heat flow. We suggest that the current
debate over whether intraplate deformation is best viewed in terms of a deforming continuum or as
rigid crustal blocks separated by relatively narrow and weak fault zones may be a false dichotomy.
We illustrate this for the Coast Ranges and Central Valley of western California. In the Coast Ranges,
a region of high heat flow, high deformation rates are expected because of correspondingly high
temperatures in the lower crust and upper mantle. The adjacent Central Valley is characterized by
very low heat flow and deforms at such a slow rate that it appears to behave as a rigid block. Finally,
in the context of steady-state lithospheric failure equilibrium, we demonstrate that the Holocene
concentration of intraplate seismicity in the New Madrid seismic zone can be explained in terms of
the stress perturbation caused by retreat of the Laurentide ice sheet and anomalous upper mantle

structure beneath the Late Precambrian Reelfoot rift.

Introduction

WE CONSIDER INTRAPLATE DEFORMATION in terms of
a relatively simple steady-state “failure equilib-
rium” model of the lithosphere based on: (1) the
finite magnitude of buoyancy-related plate tectonic
driving forces, (2) the high frictional strength of the
upper crust, and (3) the strong dependence on tem-
perature of the rheology of the ductile lower crust
and upper mantle.

First, we discuss the origin of the high frictional
strength of the upper crust and the mechanism by
which an efficient intraplate stress guide transmits
plate driving forces over thousands of kilometers.
Second, we discuss the way in which the finiteness
of plate driving forces limits intraplate strain rates.
When the lower crust and upper mantle are rela-
tively cold (such as in shield areas), deformation
occurs so slowly that intraplate lithosphere appears
to be rigid. In areas of higher lithospheric tempera-
tures, appreciable intraplate deformation can occur.
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Third, we discuss the manner in which the observed
localization of intraplate deformation might be
related to variations in lithospheric rheology. Specif-
ically, high rates of localized deformation are
expected to exist in areas of relatively low effective
viscosity (due to either high temperature or anoma-
lous composition), and to be manifest as relatively
high rates of intraplate seismicity.

It has been generally concluded that the forces
responsible for plate motions (and intraplate stress
fields) are fundamentally associated with gradients
in the density and thickness of the lithosphere (e.g.,
Forsyth and Uyeda, 1975; Jones et al., 1996; Flesch
et al., 2000, 2001). From considerations of tectonic
driving forces (slab pull and ridge push),
thrust-zone topography, and elastic plate deforma-
tion, several authors have estimated the total force
available to cause relative plate motions at 1-5 x
10'2 N m! (Forsyth and Uyeda, 1975; Turcotte and
Schubert, 1982; Bott and Kusznir, 1984; Kusznir,
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FIG. 1. A schematic illustration of steady-state failure equilibrium in the lithosphere. The lithosphere carries finite

plate driving forces of approximately known magnitude (~3 x 10'2 N m™). Because the lower crust and upper mantle

deform in response to any finite plate driving force, the upper crust is progressively loaded to brittle failure, even in

relatively stable intraplate areas that deform so slowly as to appear rigid (from Zoback and Townend, 2001).

1991). In the sections that follow, we will use an
average value of 3 x 1012 N m~! as a mid-range
estimate.

Our conceptual model of the lithosphere, illus-
trated in Figure 1, incorporates a number of simple
working principles. We consider the lithosphere to
comprise the crust and the portion of the upper man-
tle that carries buoyancy-related tectonic forces. As
is well known, the lithosphere is rheologically as
well as compositionally stratified. The uppermost
15-20 km of the lithosphere (the upper crust)
deforms through predominantly brittle frictional
failure that is revealed most obviously by earth-
quakes. Numerous authors have noted that combin-
ing Mohr-Coulomb frictional-failure theory (e.g.,
Jaeger and Cook, 1979) with laboratory-derived
coefficients of friction (e.g., Byerlee, 1978) leads to
the conclusion that the brittle strength of the crust is
of the order of several hundred megapascals under
hydrostatic pore pressure conditions, and vanish-
ingly small as pore pressures approach lithostatic
values (e.g., Hubbert and Rubey, 1959; Sibson,
1974).

At mid-crustal depths, temperatures are inferred
to be sufficiently high that ductile failure mecha-
nisms operate at lower differential stress levels than
required for brittle faulting (Chen and Molnar, 1983;
Sibson, 1983; Kohlstedt et al., 1995). Following pre-
vious authors, we represent the rheology of the duc-
tile lower crust and lithospheric mantle using a
power-law creep relationship (e.g., Brace and Kohl-
stedt, 1980). In this case, the ductile strain rate € is
given in terms of the differential stress AS by

ductile

€ = Aexp(—l%,)ASZuctile, 1)

where A, n, and () are material parameters (the flow
parameter, stress exponent, and activation energy,
respectively), R is the gas constant, and T is the
absolute temperature (Ranalli and Murphy, 1987).
We presume that rock will deform at any depth in
the crust and upper mantle by whichever mecha-
nism (frictional faulting or power-law creep)
requires the lower differential stress (Brace and
Kohlstedt, 1980). It is likely that semi-brittle defor-
mation occurs at mid-crustal depths; however, as
will be seen below, we are interested in the overall
size of the strength envelope as a function of depth,
rather than its exact shape.

Another important feature of our conceptual
model is that the lithosphere is in a state of failure
equilibrium. This is to some degree intuitive as far
as the lower crust and upper mantle are concerned,
because € is finite for any non-zero differential
stress (Eq. 1). Thus, any force applied to the litho-
sphere causes the lower crust and upper mantle to
undergo ductile creep. If we assume in addition that
the ductile portions of the lithosphere are mechani-
cally coupled to the brittle crust, then ongoing duc-
tile creep progressively loads the upper crust to the
point of failure.

Three independent lines of evidence suggest that
a state of failure equilibrium exists within intraplate
continental upper crust: (1) seismicity induced by
small increases in fluid pressure associated with



DEFORMATION OF INTRAPLATE LITHOSPERE

fluid injection (e.g., Healy et al., 1968; Pine et al.,
1983; Zoback and Harjes, 1997) or reservoir
impoundment (e.g., Simpson et al., 1988; Roeloffs,
1996); (2) earthquake triggering by other earth-
quakes (e.g., Stein et al., 1992, 1997); and (iii) in
situ stress measurements in deep boreholes, which
are consistently found to approximately equal those
predicted using Mohr-Coulomb frictional failure
theory (see summary by Townend and Zoback,
2000) for laboratory-derived coefficients of friction
of 0.6-1.0 (Byerlee, 1978). In the context of our
model, upper-crustal stress is expected to be high in
both relatively stable Phanerozoic intraplate regions
and in Archean and Proterozoic shield areas, as
observed with the deep borehole stress measure-
ments made in southeastern Germany (Brudy et al.,
1997) and Sweden (Lund and Zoback, 1999). This is
discussed at greater length below.

Another important component of the failure
equilibrium model of lithospheric deformation is
that the total force available to cause intraplate
strain is limited to that provided by tectonic pro-
cesses. The cumulative strength of the lithosphere is
the sum of the brittle strength of the upper crust and
the ductile strength of the lower crust and upper
mantle. Thus, by invoking the constraint that there
is a finite force available to cause deformation (e.g.,
~3 x 102 N m!) and assuming that the upper crust,
lower crust, and lithospheric mantle are fully cou-
pled, an average strain rate for the whole lithosphere
can be estimated (Liu and Zoback, 1997). As will be
argued below, a large fraction of the total plate driv-
ing force is consumed by deforming the upper crust
through faulting (and noting that the brittle strength
of the crust is independent of composition), and the
remaining force is available to cause ductile defor-
mation of the lower crust and upper mantle. Hence,
stress levels in the upper crust are controlled by its
frictional strength, and lithospheric strain rates are
controlled by the remaining force and the rheologi-
cal parameters of the ductile lithosphere. As dis-
cussed by Zoback and Townend (2001), maximum
intraplate lithospheric strain rates can be estimated
using the constraint that the cumulative strength of
the lithosphere, S,, given by

D
S, = JO ASdz )

(England and Houseman, 1986), is equal to the
available plate driving force, where D is the thick-
ness of the lithosphere and AS is the differential
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stress at which deformation occurs, which varies as
a function of depth. In the sections below, we inves-
tigate the roles played by upper-crustal critical
stress states and hydrostatic pore pressures in con-
trolling the vertical distribution of strength in intra-
plate lithosphere and the rates at which intraplate
lithosphere deforms.

The Crustal Stress Guide

As mentioned above, in situ stress magnitude
data collected at depths of up to 9.1 km at a number
of locations worldwide indicate without exception
that differential stresses increase with depth at gra-
dients consistent with frictional faulting theory and
laboratory-measured coefficients of friction of 0.6~
1.0. This is clearly illustrated by the profile of deep
stress measurements in the Kontinentales Tiefbohr-
programm der Bundesrepublik Deutschland (KTB)
borehole shown in Figure 2, where stress is
observed to increase with depth at a rate compatible
with Mohr-Coulomb faulting theory given a friction
coefficient of 0.6-0.7 and the observed hydrostatic
pore pressure (see also Brudy et al., 1997). Further
evidence that the crust at the KTB site is in a state
of frictional equilibrium is provided by the fact that
microearthquakes were induced at ~9 km depth by
extremely small increases in fluid pressure (Zoback
and Harjes, 1997).

Figure 3 (after Townend and Zoback, 2000) is a
compilation of in situ stress measurements from sev-
eral deep boreholes worldwide (including the KTB
borehole). The data correlate extremely well with
predictions made using frictional faulting theory
and laboratory-derived coefficients of friction; the
dashed lines are theoretically expected relation-
ships representing failure equilibrium for frictional
coefficients ranging between 0.6 and 1.0, the same
range as that observed in the laboratory (Byerlee,
1978). Additional data collected at shallower depths
in the crust (<3 km) substantiate the observation
that the upper crust is critically stressed according
to Mohr-Coulomb frictional failure theory (see
reviews by McGarr and Gay, 1978 and Zoback and
Healy, 1992).

Because frictional strength depends on pore
pressure, it is important to note that the high
upper-crustal strength implied by Figures 2 and 3 is
associated with essentially hydrostatic pore pres-
sures. Townend and Zoback (2000) summarized the
results of hydraulic tests conducted at length scales
of 10-1000 m and depths as great as 9 km (as well
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FIG. 2. Maximum differential stress as a function of depth
in the KTB scientific research borehole (from Zoback and
Harjes, 1997). Note that the strength measurements fall along
a theoretical strength curve predicted using Mohr-Coulomb
frictional failure theory and a coefficient of friction of 0.6-0.7,
consistent with laboratory measurements. The depths at which
microseismicity was triggered by small increases in fluid pres-
sure are shown in histogram form. The orientation of maximum
horizontal stress is relatively constant from 3 to 8 km (Brudy et

al., 1997).

as the migration rates of induced seismicity over
distances of up to several kilometers) and observed
that upper-crustal permeability is of the order of
10717 to 10716 m?, or three to four orders of magni-
tude higher than that of core samples studied in the
laboratory at equivalent pressures. Geothermal and
metamorphic data also indicate that the permeabil-
ity of the upper crust exceeds 10718 m? throughout
the brittle regime (Manning and Ingebritsen, 1999).

The mechanism responsible for high crustal per-
meability is fundamentally related to the observa-
tion that the crust is in a state of frictional
equilibrium. Using data from the Cajon Pass, Long
Valley, and Yucca Mountain USW-G1 boreholes,
Barton et al. (1995) demonstrated that optimally ori-
ented planes are hydraulically conductive, whereas
non-optimally oriented planes are nonconductive.
This conclusion is supported by data collected sub-
sequently from boreholes in Dixie Valley, Nevada
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(Hickman et al., 1997; Barton et al., 1998), and a
similar result was obtained by Ito and Zoback
(2000) for faults and fractures intersecting the KTB
main borehole at great depth. Another way of saying
this is that the active faults that limit crustal
strength are also responsible for maintaining pore
pressures at hydrostatic values. These results (Fig.
4) clearly indicate that critically stressed faults act
as fluid conduits and control large-scale permeabil-
ity (Townend and Zoback, 2000; Zoback and
Townend, 2001). The inset in Figure 4 illustrates the
combined datasets in terms of the ratio of shear
stress to effective normal stress. It is apparent that
the mean of this ratio is approximately 0.6 for the
conductive fractures (consistent with Mohr-Cou-
lomb frictional failure on well-oriented faults), and
only ~0.3 for the nonconductive fractures (indicat-
ing that those fractures are not critically stressed).

Thus, the presence of critically stressed faults in
the crust keeps the brittle crust permeable and
upper-crustal pore pressures close to hydrostatic
values. Under these conditions, intraplate faults are
able to sustain high differential stresses before
failure.

One manifestation of high crustal strength is the
efficient transmission of tectonic stress over dis-
tances of thousands of kilometers in intraplate
regions, via what is in effect an upper-crustal stress
guide. This was first observed in the conterminous
United States and North America (Fig. 5, after
Zoback and Zoback, 1980, 1989, 1991) and later on
a global basis (Zoback, 1992). East of the western
Cordillera, the direction of maximum horizontal
stress measured throughout North America is
remarkably consistent with the orientation of the
plate-driving forces associated with the ridge-push
force (Zoback and Zoback, 1991). In the following
section we investigate how high crustal strength
influences the rate of intraplate lithospheric defor-
mation.

Limits on Intraplate Deformation Rates

The manner in which the magnitude of plate
driving forces is related to lithospheric deformation
can be investigated using strength envelopes that
incorporate appropriate rheologies to represent the
ductile behavior of the lower crust and lithospheric
mantle. Differential stresses required for brittle and
ductile deformation are computed as functions of
depth, and then combined by presuming that the
deformation mechanism operative at any depth is
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FIG. 3. Maximum differential stress measurements from six deep boreholes, illustrating that the upper crust is in a
stress state consistent with that predicted using Mohr-Coulomb frictional failure theory and friction coefficients of 0.6 to

1.0 (modified from Townend and Zoback, 2000).
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FIG. 4. Shear and effective normal stresses on fractures identified using borehole imaging techniques in the Cajon
Pass, Long Valley, Nevada Test Site, and KTB boreholes (from Zoback and Townend, 2001; original data from Barton et
al., 1995 and lto and Zoback, 2000). The larger, filled symbols represent hydraulically conductive fractures and faults,

and the dots represent non-conductive fractures. The inset figure illustrates the range in shear-to-normal stress ratio for

the entire data set.

that which requires the lower stress. As illustrated
in Figure 6, integrating this differential stress pro-
file over the thickness of the lithosphere gives the
cumulative force required to deform the lithosphere,
here presumed to be ~3 x 10'2 N m™!. This approach
is different from those used by several other authors

(e.g., Sibson, 1983; Ranalli and Murphy, 1987;
Kohlstedt et al., 1995) because the lithospheric
strain rate is not an arbitrarily chosen model param-
eter. Although the sharp “nose” in the strength pro-
files at mid-crustal depths is rather non-physical in
light of likely semi-brittle deformation processes, as
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FIG. 5. Maximum horizontal stress directions in North America. These data are from the World Stress Map database,

maintained by the Heidelberg Academy of Sciences, http://www-wsm.physik.uni-karlsruhe.de/index.html.

long as these processes do not dramatically alter
crustal strength, the cumulative area under the
curve will not be altered significantly.

For most intraplate areas, a test of such models is
that the estimated intraplate lithospheric strain rate
not exceed approximately 10-17 s71, in order to be
consistent with plate tectonic reconstructions (Gor-
don, 1998). For example, throughout the ~100 Ma
duration of the opening of the Atlantic Ocean, no
more than ~100 km of shortening took place in the
~10,000 km-wide African or South American
plates. Thus, the maximum intraplate strain rate is
approximately 1017 s-1. Additionally, very long
baseline interferometry (VLBI) measurements place
an upper bound of 10717 s7! on strain rates within
the North American plate (Gordon, 1998), and aver-

age seismic strain rates in the eastern United States
are 1071° to 108 57! (Anderson, 1986). We con-
clude from this that intraplate continental litho-
sphere does not deform more rapidly than ~10-17 -1
in most areas over geological time scales.

As discussed by Zoback and Townend (2001), we
consider a generalized lithospheric structure com-
posed of a 16 km-thick felsic upper crust (with the
theological properties of dry Adirondack granulite),
a 24 km-thick mafic lower crust (dry Pikwitonei
granulite), and a 60 km-thick lithospheric mantle
(wet Aheim dunite), based on the composite veloc-
ity-depth model obtained by Christensen and
Mooney (1995), and rheological coefficients deter-
mined by Chopra and Paterson (1981), Carter and
Tsenn (1987), and Wilks and Carter (1990).
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FIG. 6. A comparison between theoretical temperature, differential stress, and cumulative strength profiles for two

representative intraplate regions, an area of moderate heat flow (67 mW m=2), and a shield area with very low heat flow

(41 mW m2). In both cases, the total force (equal to the area under the differential stress profile, and shown in the

right-hand frames) equals 3 x 10'2 N m™, in accordance with the force-limited steady-state failure equilibrium model

illustrated in Figure 1. See text for details of the parameters used to construct these figures.

A downward continuation method was used to
determine temperature at depth. We have incorpo-
rated a very simple heat productivity model, in
which the heat productivities of the upper crust,
lower crust, and lithospheric mantle are constant
(cf. Pollack and Chapman, 1977; Chapman and Fur-
long, 1992); we further assumed thermal con-
ductivity to be a function of both temperature and
depth (Schatz and Simmons, 1972; Chapman and
Furlong, 1992). The temperatures computed in this
way are in good agreement with estimates from
xenolith thermobarometry in shield areas (Rudnick
and Nyblade, 1999).

Because intraplate regions are generally charac-
terized by strike-slip/reverse faulting stress states
(ie., S, > S, ~S; ~S,; see Zoback, 1992), we have

incorporated this in the modeling presented below.
We assume pore pressures in the lower crust to be
nearly lithostatic, following the arguments pre-
sented by Nur and Walder (1990). The permeabil-
ity of the lower crust probably does not exceed 1019
m? at 30 km depth (Manning and Ingebritsen, 1999),
implying relatively long characteristic diffusion
times (>10° years), and that nearly lithostatic pore
pressures are likely to be maintained. The reason for
this is that at elevated temperatures, a number of
processes of permeability reduction (chemical pre-
cipitation, inelastic deformation, etc.) are expected
to occur at rates sufficient to preclude rapid fluid
migration, and hence to favor high pore pressures.
Given a temperature—depth profile, we can cal-
culate differential stresses in the ductile portion of
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the upper and lower crust and lithospheric mantle
and the corresponding ductile strain rate, € (Eq. 1),
such that the cumulative area under the stress pro-
file not exceed the assumed constraint of 3 x 102N
mL. Figure 6 illustrates temperature and differen-
tial stress profiles for two end-member intraplate
regions (which differ only in terms of their average
surface heat flow) as well as the corresponding
cumulative strength profiles and strain rates. In the
upper part of the figure, we consider an area with
moderately high heat flow (67 mW m~2). Because of
relatively high temperatures in the lower crust and
upper mantle, relatively little force is required to
cause deformation there. Thus, relatively high strain
rates are achieved (~10-16 s71), and on geologic time
scales the area would appear to deform as a viscous
continuum. Note that in this case, most of the total
tectonic force is carried in the strong brittle crust. In
the lower half of Figure 6, we consider a cold shield
area. In this case, the lower crust and upper mantle
are considerably stronger and the total force avail-
able is sufficient to cause strain at a rate of only
~1029 571, a negligible rate (even over billions of
years!) and thus consistent with a rigid plate
assumption.

Because calculations such as those in Figure 6
involve a large number of parameters (surface heat
flow, thermal conductivity, upper-crustal heat pro-
ductivity, the frictional coefficient of the crust, and
the rheological parameters of each layer), Zoback
and Townend (2001) treated uncertainties in each of
these parameters using a Monte Carlo technique:
1000 estimates of each parameter were drawn at
random from normal distributions, and 1000 sepa-
rate models were constructed. Composite tempera-
ture—depth, differential stress—depth, and strength—
depth profiles were then constructed by stacking the
different models’ results.

Figure 7 illustrates the intraplate lithosphere
modeling results for surface heat flow of 60 + 6 mW
m2 (mean = 10%), representative of stable conti-
nental heat flow (Pollack et al., 1993). The upper-
most plots (a—c) display the model results
incorporating hydrostatic pore pressures in the
upper crust, and the three middle plots (d—f) display
the corresponding results for near-lithostatic pore
pressures. Note that the temperature—depth profiles
are the same in both cases. At the bottom of the fig-
ure is a histogram (g) illustrating the range of esti-
mated strain rates under each pore pressure
condition: the strain rates are distributed log-nor-
mally about a geometric mean of approximately
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1018 57! under near-hydrostatic upper-crustal pore-
pressure conditions, and approximately 10-1> 5! for
near-lithostatic pore pressure conditions. This latter
value is much too high to be consistent with geologic
and geodetic observations, and demonstrates the
importance of near-hydrostatic fluid pressures in
the upper crust for maintaining the strength of intra-
plate lithosphere. Although we do not illustrate it
here, it is important to note that for very low surface
heat flow (<50 + 5 mW m2), such as is characteris-
tic of Proterozoic and Archean cratonic crust (Pol-
lack et al., 1993), strain rates lower than 1020 g1
are expected under either pore pressure regime.

Diffuse Deformation Along the San Andreas
Fault System in Central California

In the previous section, we considered average
intraplate deformation rates. Here we consider an
example of how these arguments can be used to help
interpret the broad zone of distributed transpres-
sional deformation along the Pacific/North America
plate boundary in western California.

As pointed out by Page et al. (1998), deformation
along the San Andreas system is transpressional; in
addition to the right-lateral shear accommodating
relative motion between the Pacific and North
American plates, appreciable convergence has been
occurring since 3.5 Ma. This convergence has
resulted in uplift, folding, and reverse faulting in the
Coast Ranges, as illustrated by both the topographic
relief (Fig. 8) and the currently active geologic
structures, many of which accommodate shortening
perpendicular to the San Andreas fault (Fig. 9, mod-
ified from Page et al., 1998). The locations of the two
cross-sections in Figure 9 are indicated in Figure 8.
Note that the transpressional deformation is accom-
modated over a broad region >100 km in width.

This type of distributed deformation might be
categorized as a diffuse plate boundary (e.g., Gor-
don, 1998), but it is interesting to consider more
specifically why the transpressional deformation is
distributed so broadly, and why there is such an
abrupt cessation of this deformation at the boundary
between the Coast Ranges and the Great Valley
(Figs. 8 and 9). The sharpness of this transition is
particularly distinctive given that the entire region
is subject to a relatively uniform compressive stress
field acting at a high angle to the San Andreas fault
and subparallel strike-slip faults (Fig. 8; Townend
and Zoback, 2001). This high angle implies that the
San Andreas fault (and perhaps other plate bound-
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FIG. 7. Results of 1000 Monte Carlo strain-rate calculations for a strike-slip stress state and surface heat flow of 60 +
6 mW m2, subject to the constraint that the total strength of the lithosphere is 3 x 102 N m™! (from Zoback and

Townend, 2001). See text for explanation.

aries) have low frictional strength, in marked con-
trast to the high frictional strength exhibited by
intraplate faults (briefly summarized by Zoback,
2000). Moreover, compressive deformation in the
Coast Ranges ends abruptly at the Coast Range/
Great Valley boundary, even though highly compres-

sive stresses associated with reverse faulting are
pervasive along the eastern edge of the Coast
Ranges (Wentworth and Zoback, 1989).

It is also interesting to note that the stress obser-
vations shown in Figure 8 are remarkably consistent
with modeled stress directions (dashed trajectories,
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FIG. 8. Topographic map of western California in an oblique Mercator projection about the NUVEL 1A North Amer-
ica—Pacific Euler pole (DeMets et al., 1990). In this projection, relative plate motion is parallel to the upper and lower

margins of the map. The major right-lateral strike-slip faults comprising the San Andreas fault system are also shown.

The data show the direction of maximum horizontal stress from earthquake focal mechanism inversions (lines with a
circle in the middle) or borehole stress measurements (bow-tie symbols). Most data are from the World Stress Map data-

base [http://www-wsm.physik.uni-karlsruhe.de/index.html]. The dashed trajectories are interpolations of stress direc-

tions calculated by Flesch et al. (2000) using a model based on lithospheric buoyancy and plate interaction. Dotted lines

A—A"and B-B' are lines of section shown in Figure 9.

interpolated from the results of Flesch et al., 2000).
The Flesch et al. model incorporates the combined
effects of buoyancy-related stresses in the western
United States (principally due to the thermally
uplifted Basin and Range province) and right-lateral
shear in the far field associated with plate interac-
tion. As discussed by Zoback et al. (1987), the stress
data shown in Figure 8 were mainly obtained from
stress-induced wellbore breakout measurements in
oil and gas wells, and earthquake focal mechanisms
that are not associated with right-lateral slip along
transform faults.

To explain this abrupt change in the rate of defor-
mation at the boundary between the Coast Ranges
and the Great Valley in terms of the principles dis-
cussed above, it is important to note that the edge of
the transpressive deformation coincides with a
marked decrease in heat flow (Fig. 9), and therefore
with a lateral variation in lithosperic temperatures.
In other words, the rate of deformation is high
throughout the Coast Ranges because temperatures

in the lower crust and upper mantle are high. In con-
trast, heat flow in the Great Valley is extremely low
(comparable to that of shield areas); hence the avail-
able force is insufficient to cause deformation at
appreciable rates. In fact, as revealed by unde-
formed seismic reflectors corresponding to forma-
tions as old as Cretaceous in age, it is remarkable
how little deformation has occurred in the Great Val-
ley during the Cenozoic (e.g., Wentworth and
Zoback, 1989).

Localized Deformation in
Intraplate Seismic Areas

As is well known regarding eastern North Amer-
ica and Western Europe (Fig. 10), seismicity in
intraplate regions is not homogeneously distributed,
but is instead localized in areas of concentrated
seismicity. While the instrumentally recorded seis-
micity illustrated in Figure 10 represents only a
short period of time, it is clear that some intraplate
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FIG. 9. Geologic cross-sections and heat-flow data across the Coast Ranges and San Andreas fault system in (A)
Transect A—A' (shown in Fig. 8) through the Santa Cruz Mountains and the San Francisco Bay area and (B) Transect B—
B' through central California near San Luis Obispo and Kettleman Hills (simplified from Page et al., 1998).

areas have been sites of pronounced and recurrent
seismicity.

One example of a seismically active intraplate
area undergoing localized deformation is the New
Madrid seismic zone (NMSZ, Fig. 11), which expe-
rienced three major earthquakes in 1811-1812.
Paleo-liquefaction data suggest that very large,
1811-1812 type events have occurred every 200—
900 years during the past several thousand years
(Tuttle and Schweig, 1995; Tuttle et al., 1999).
These prehistoric events, along with the 1811-

1812 earthquakes themselves, must have had
moment magnitudes of 7.5, or greater, to have
caused the severe liquefaction observed over large
parts of the New Madrid region. However, exten-
sive seismic reflection data in the NMSZ reveal
relatively small cumulative fault offsets in the
post-Cretaceous Mississippi embayment sediments
(e.g., Hamilton and Zoback, 1981), implying that
the level of seismicity observed in late Holocene
time must have begun relatively recently (Schweig

and Ellis, 1994).



ZOBACK ET AL.

394

*£)I0TWSIOS Jo UOTINLIISIP SN0UAF01919Y A} Sunensn[t ‘(1ySt1) adoiny] uI91somM pur (1J9]) BOLIDWY [HON UIDISEd Ul AJIDTWSIOS PIPI00al A[[ejuawnasuy ‘01 "9

s fIN.0E

N.O¥

N.0S

N.09




DEFORMATION OF INTRAPLATE LITHOSPERE

395

91°'W 90°W 89°'W 88°'W
38°N = "138°'N
A . - X A _sediments A
‘ s upper crust
€
=3
£
:l) lower crust
37°N 37'N [a}
mantle
50
0 Distance (km) 500
B _sediments B'
0
- I
36°N 36°N =
= lower crust
o —/\
] rift pillow
.
mantle
% 50
A < km 0 Distance (km) 500
B _/"®Memphis 0 50 100
35'N . ' 35°N
91°W 90°W 89°W 88'W

FIG. 11. A map of the New Madrid seismic zone and crustal structure based on gravity and seismic data along two

profiles parallel and perpendicular to the Reelfoot rift (from Grollimund and Zoback, 2001, with original data from

Mooney et al., 1983 and Stuart et al., 1997).

The NMSZ is broadly associated with an ancient
intraplate rift zone that was active principally during
the latest Precambrian or Early Paleozoic (e.g.,
McKeown, 1982). Geological and geophysical data
also indicate an episode of Cretaceous alkaline mag-
matic activity (Zoback et al., 1980; Hildenbrand,
1985). As a result, the crustal structure in the NMSZ
is quite anomalous with respect to the surrounding
region.

Several hypotheses have been proposed to
account for the mechanical role of this anomalous
crustal structure in localizing seismicity within the
NMSZ. One suggestion is the existence of a local
stress concentration caused by either a rift pillow
(Grana and Richardson, 1996) or an associated sub-
horizontal detachment fault (Stuart et al., 1997). Liu
and Zoback (1997) suggested that the high rate of
seismicity is a result of elevated heat flow causing
high ductile strain rates in the lower crust and upper
mantle. Unfortunately, none of these hypotheses sat-
isfactorily explains the apparently sudden onset of
seismicity during the Holocene.

Grollimund and Zoback (2001) investigated the
interaction between anomalous crustal structure and
stress changes caused by deglaciation, based on the
striking temporal coincidence between melting of
the Laurentide ice sheet (~19-8 ka, Fig. 12), and

18,000 years ago

<

FIG. 12. Distribution of M > 3.5 earthquakes in eastern
North America and the maximum extent and thickness of the
Laurentide ice sheet at approximately 20 ka.

the occurrence of increased seismicity in the Late
Holocene. Stein et al. (1979, 1989) had previously
discussed deglaciation as a perturbing mechanism
capable of inducing earthquakes in intraplate areas,
specifically along passive margins such as north-
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A. Weak brittle crust (model 1)
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FIG. 13. The three models of anomalous crust and upper mantle structure in the New Madrid seismic zone considered

by Grollimund and Zoback (2001).

eastern North America. Using a highly simplified
ice-sheet geometry and lithospheric structure,
James and Bent (1994) demonstrated that deglacia-
tion could significantly affect crustal strain rates at
distances of several hundred kilometers from the ice
front. They concluded, however, that deglaciation
did not promote seismicity in the New Madrid area.
Wu and Johnston (2000) used a more realistic
ice-sheet geometry and concluded that deglaciation
could have triggered seismicity in the general New
Madrid area. However, their model predicted that
the onset of seismicity was only 200 years ago, and
the region of predicted seismicity was not confined

to the NMSZ.

Grollimund and Zoback (2001) used three-
dimensional finite element models (Fig. 13) to
explore the coupled interaction between plate driv-
ing forces, stress perturbations caused by deglacia-
tion, and heterogeneous lithospheric properties.
They adopted relatively simple geometric represen-
tations of the mantle, and focused primarily on
anomalous lower-crust and upper-mantle structure
associated with the ancient rift (Fig. 13). They
showed that the lithospheric response to removal of
the Laurentide ice sheet (starting at ~20 ka),
changed the stress field in the vicinity of New
Madrid in such a way as to increase seismic strain
rates by about three orders of magnitude (Fig. 14).
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FIG. 14. Concentration of high predicted strain rates in the New Madrid seismic zone resulting from deglacia-

tion-induced lithospheric flexure (from Grollimund and Zoback, 2001). The strain rate is approximately three orders of

magnitude higher than in the surrounding regions.

With respect to seismic hazards in the region, it is
important to note that Grollimund and Zoback’s
modeling predicts that the high rate of seismic
energy release observed during Late Holocene time
is likely to remain approximately constant for the
next few thousand years.

The spatial confinement of seismicity appears to
be a direct result of anomalous lithospheric proper-
ties associated with the ancient Precambrian rift.
The best-fitting model involves a one-order-of-mag-
nitude decrease in upper-mantle viscosity beneath
the NMSZ with respect to the mantle elsewhere.
This seems plausible for two reasons: depletion of
the upper mantle beneath a rift zone is to be
expected as a consequence of the formation of an
anomalously dense lower-crustal “pillow” (Fig. 11).
In addition, the occurrence of post-Late Cretaceous

or Early Tertiary volcanism may imply the existence
of anomalous, low-viscosity upper mantle.

Conclusions

Numerous data obtained from deep boreholes
worldwide reveal that upper-crustal permeabilities
are sufficiently high (1017 to 1016 m?) for pore
pressures to attain hydrostatic values over geologi-
cally short periods of time (less than ~1000 years).
These high permeabilities appear to be maintained
by hydraulically conductive, critically stressed
faults, which also limit the strength of the brittle
crust. As the ductile lithosphere is expected to
creep in response to any finite differential stress
(based on the form of laboratory-derived constitutive
laws), the rate of lithospheric deformation is con-
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trolled both by the strength of the ductile lower crust
and upper mantle (and therefore by temperature and
composition), and by the magnitude of the applied
tectonic force. In terms of this simple model, crustal
stress is expected to be high, even in relatively sta-
ble Phanerozoic intraplate regions, as well as in
Archean and Proterozoic shields. This has been ver-
ified, for example, by stress data obtained from deep
boreholes drilled in southeastern Germany and Swe-
den.

We have used a total-force constraint on models
of lithospheric strength profiles to determine the
strain rates at which intraplate lithosphere deforms,
given the observed high frictional strength and gen-
erally hydrostatic upper-crustal pore pressures. We
estimate that the strike-slip stress regimes and ther-
mal conditions characteristic of stable continental
regions, are associated with strain rates less than
1017 571, The lithosphere cannot deform more rap-
idly than this because of the limited amount of tec-
tonic force available to drive deformation.

In the context of the steady-state failure equilib-
rium model, the debate over whether intraplate
deformation is best viewed in terms of a deforming
continuum or rigid crustal blocks separated by rela-
tively weak fault zones may be a false dichotomy
because both types of behavior are to be expected.
As illustrated for the Coast Ranges and Central Val-
ley of western California, in the area of presumed
high temperatures in the lower crust and upper man-
tle (the Coast Ranges), the strong temperature
dependence of the effective viscosity of the lower
crust and upper mantle results in high deformation
rates. In the adjacent Central Valley, where we
expect low temperatures in the lower crust and
upper mantle, the lithospere is observed, as antici-
pated, to deform at an extremely slow rate.

The Holocene concentration of intraplate seis-
micity in the New Madrid seismic zone appears to
result from three principal factors. First, the litho-
sphere is in a state of failure equilibrium such that
relatively small stress perturbations can produce
significant changes in deformation rates. Second,
anomalous upper-mantle structure beneath the New
Madrid region plausibly exists as a result of geologic
processes that have occurred recurrently since as
early as the Late Precambrian or Early Paleozoic.
Finally, the stress perturbation caused by deglacia-
tion, while small in comparison to the total strength
of the lithosphere, appears to have been sufficient to
cause substantial ductile strain in the upper mantle,
and a correspondingly high rate of brittle failure in

ZOBACK ET AL.

the upper crust. The first factor, the critically
stressed brittle crust, allows a relatively small stress
perturbation to trigger brittle faulting, and viscous
flow in the lower crust and upper mantle to cause
multiple earthquakes through time. The second fac-
tor, an anomalous upper mantle structure in the area
of the rift, serves to localize seismicity in the New
Madrid region. The third factor, the perturbation
associated with deglaciation, is responsible for the
concentration of activity in Holocene time. It is
interesting to speculate whether similar factors
might also be responsible for the apparent concen-
trations of seismicity in other intraplate seismic
areas in the world.
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