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Abstract

Observations from deep boreholes at several locations worldwide indicate that (i) hydrostatic pore pressures persist to depths
of as much as 12 km in the upper crust, (ii) the brittle crust is in a state of failure equilibrium according to Coulomb frictional-
failure theory, and (iii) bulk permeability is high — 10~'7—107' m? — apparently due to fluid flow along critically stressed
faults. As a result of these factors, the brittle crust is stronger than it would be under near-lithostatic pore pressure conditions.

This result provides a constraint on models of lithospheric deformation. Postulating that the upper and lower crust and
lithospheric mantle are totally coupled and that the total strength of the lithosphere is equal to the magnitude of tectonic driving
forces (~3 x 10" N'm™"), we have calculated lithospheric strain rates under representative thermal and rheological conditions
such that the integrated differential stress over the entire thickness of the lithosphere equals the plate driving force. For a strike-
slip stress state and surface heat flow of 60 = 6 mW m ™2, average strain rates are approximately 10™'® s~ under hydrostatic
upper crustal pore pressure conditions, and approximately 10~ s ' under near-lithostatic pore pressures. The latter strain rates
are higher than either observed geodetically using very long baseline interferometry (VLBI), or estimated on the basis of plate
tectonic reconstructions. Hence we argue that hydrostatic upper crustal pore pressures enable lithospheric plates to behave

rigidly over time scales of tens to hundreds of millions of years. © 2001 Elsevier Science B.V. All rights reserved.

Keywords: crustal strength; fault mechanics; intraplate lithosphere; pre pressure; strain rate; stress

1. Introduction

From a purely theoretical perspective, the estimated
strength of intraplate continental crust varies widely.
Analyses of lithospheric flexure indicate that the
strength is high (e.g. McNutt, 1984) and the crust
can support differential stresses of several hundred
megapascals. In contrast, modeling of lithospheric
deformation using thin viscous sheet models suggests
that the strength of the crust may be quite low over
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geologic time periods (e.g. Houseman and England,
1986; England and Houseman, 1986). In this paper,
we investigate upper crustal strength and its relation to
intraplate deformation.

It is well known that the frictional strength of the
crust depends not only on the intrinsic frictional
strength of faulted rock, but also on the pore pressure
at depth (Hubbert and Rubey, 1959). As pointed out
by numerous authors, combining Coulomb frictional-
failure theory (e.g. Jaeger and Cook, 1979) with
laboratory-derived coefficients of friction (Byerlee,
1978) leads to the conclusion that the brittle strength
of the crust is of the order of several hundred mega-
pascals under hydrostatic pore pressure conditions
and vanishingly small as pore pressures approach
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lithostatic values (Sibson, 1974; Brace and Kohlstedt,
1980).

The cumulative strength of the lithosphere is the
sum of the brittle strength of the upper crust and the
viscous strength of the lower crust and upper mantle.
From considerations of tectonic driving forces (slab
pull and ridge push), thrust zone topography, and
elastic plate deformation, several authors have esti-
mated the total force available to drive lithospheric
deformation to be approximately 1-4 X 10 Nm™!
(Forsyth and Uyeda, 1975; Bott and Kusznir, 1984;
Kusznir, 1991).

In this paper, we investigate the effects of crustal pore
pressure regimes on estimated lithospheric strain rates,
subject to the constraint that the total force acting on the
lithosphere is 3 X 10" N m™". As discussed by Liu and
Zoback (1997), maximum intraplate lithospheric strain
rates can be estimated using the constraint that the
cumulative strength of the lithosphere,

D
stj AS dz ()
0

(England and Houseman, 1986), is equal to the available
plate driving force, where D is the thickness of the litho-
sphere and AS is the differential stress. The manner in
which the plate driving force is related to lithospheric
deformation can be investigated using strength envel-
opes, incorporating appropriate rheologies to represent
the ductile behavior of the lower crust and lithospheric
mantle. A test of such models is that the estimated intra-
plate lithospheric strain rate not exceed approximately
107""s™", in order to be consistent with plate tectonic
reconstructions (J. Morgan, unpublished). For example,
during the ~100 Ma duration of the Atlantic Ocean’s
opening, no more than approximately 100 km of short-
ening has taken place in the ~10 000 km-wide African
or South American plates. Thus, the maximum intra-
plate strain rate is of the order of 100 km/
(10 000 km X 100 Ma) = 10~ s, Moreover, very
long baseline interferometry (VLBI) measurements
place an upper bound of 10~ s ™! on strain rates within
the North American plate (Gordon, 1998), and average
seismic strain rates in the eastern United States are
107°-10""® 57! (Anderson, 1986). We conclude from
this that intraplate continental lithosphere does not
deform more rapidly than at strain rates of ~10~"7 s~
on geological time scales.

2. Implications of Coulomb frictional-failure
theory for stress levels in the brittle crust

Three independent lines of evidence suggest that a
state of failure equilibrium exists within intraplate
continental upper crust: (i) seismicity induced by
fluid injection (e.g. Raleigh et al., 1972; Pine et al.,
1983; Zoback and Harjes, 1997) or reservoir
impoundment (e.g. Simpson et al., 1988; Roeloffs,
1996); (ii) earthquakes triggering other earthquakes
(e.g. Stein et al., 1992, 1997), and; (iii) in situ stress
measurements in deep boreholes (e.g. Zoback and
Healy, 1992; Brudy et al., 1997). Additionally,
measured stresses are consistently found to be
approximately equal to the stresses predicted using
Coulomb frictional-failure theory (Pine et al., 1983;
Zoback and Healy, 1984, 1992; Townend and Zoback,
2000) for laboratory-derived coefficients of friction of
0.6—1.0 (Byerlee, 1978).

The frictional strength of the brittle crust can be
computed by consideration of a pre-existing, cohe-
sionless fault whose normal is at an angle 6 to the
maximum compressive principal stress, S;. The
shear and effective normal stresses (tractions) on
this fault are given, respectively, by

_ AS. .
rm LT85 G ng o Adwrie o )
2 2
and
S, +8—2P S =8
o, = 1 ; f 1 3C0529
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where S; is the minimum principal stress, P; is the
fluid pressure, and ASy. and S are the brittle differ-
ential stress and mean stress given by S; — S; and
Sy + S3)/2, respectively (Jaeger and Cook, 1979). If
the plane is critically stressed, then

T= uo, = o,tan ¢ ()

This is referred to as the Coulomb frictional-failure
criterion, in which p = tan ¢ is the coefficient of fric-
tion and ¢ is referred to as the angle of friction. At
failure, ¢ = 260 — m/2 and the plane is referred to as
‘optimally oriented’. Combining Eq. (2)—(4), gives
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Fig. 1. Stress data from six of the boreholes listed in Table 1 illus-
trating that the upper crust is in a stress state consistent with that
predicted using Coulomb frictional-failure theory (Eq. (5)) incor-
porating frictional coefficients of approximately 0.6—1.0. Error bars
have not been plotted for the smaller datasets for the sake of clarity.
Sources: Pine et al. (1983), Batchelor and Pine (1986), Barton et al.
(1988), Zoback and Healy (1992), Hickman et al. (1997), Brudy et
al. (1997) and Lund and Zoback (1999).

the following, equivalent, results:

)

= +1+ 5
S, P iz © (5
(Jaeger and Cook, 1979) and

2u

———(S-P) (6)

rittle /.Lz T 1

Details of the derivation of these two equations
from the Coulomb frictional-failure criterion are
given in Appendix A. Either of these equations can
be used to predict differential stress as a function of
depth in a crust in frictional equilibrium. Eq. (6)
implies that the maximum differential stress at failure,
for a given mean stress, decreases with increasing

fluid pressure. That is, under hydrostatic (low) fluid
pressure conditions, the maximum differential stress
withstandable before failure occurs is higher than
under lithostatic (high) fluid pressures.

The three endmember stress configurations in
which Sy, S5, or S3 is the vertical stress S, = pgz, corre-
sponding to normal, strike-slip and reverse faulting,
respectively, give rise to similar explicit relations
between depth and maximum differential stress:

ASprie = pgz(A — (1 = F)/IF (7a)
ASurite = 2pgz(A — (1 — F)/(1 + F) (7b)
ASpritge = pgz(A — D(1 — F) (7¢)
where F is defined in Eq. (5), and
P P
A=t =20 (8)
S, pgz

g is the gravitational acceleration, p is the mean rock
density, and z is depth. Hence, for given stress and
pore pressure regimes, we can estimate the maxi-
mum differential stress expected on the basis of the
frictional-failure equilibrium hypothesis, and com-
pare this with observational data.

3. Differential stress and pore pressure conditions
in the brittle crust

In Section 2, it was noted that the brittle crust
appears to be in a state of failure equilibrium. Here
we briefly summarize data leading to this conclusion,
and demonstrate the manner in which critically
stressed faults control not only differential stress
levels, but also pore pressures. Further details are
given in Townend and Zoback (2000).

Stress data collected at several locations world-
wide since the early 1980s indicate almost without
exception that differential stresses increase with
depth at gradients consistent with Eq. (5) for
laboratory-measured coefficients of friction of
0.6—1.0 (Fig. 1). The solid lines are theoretical
relationships representing Eq. (5) for various fric-
tional coefficients: it is clear that the stress data
from each deep borehole display the inter-
dependency expected for critically stressed crust
with frictional coefficients similar to those
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Table 1

Locations exhibiting near-hydrostatic fluid pressures at depths of
several kilometers. HDR — hot dry rock; DST — drill stem test;
SWC — static water column; SG — silica geothermometry;

N — normal stress regime; R — reverse stress regime;

SS — strike-slip stress regime

Well location Stress Depth Observation
regime (km)

Cornwall HDR, England® SS 2.5 DST

Fenton Hill HDR, New N/SS 3.0 SWC

Mexico®

Dixie Valley, Nevada® N 2-3,5-7 DST, SG

Cajon Pass, California® SS 3.5 DST

Soultz HDR, France® N/SS 5.0 DST

Siljan, Sweden' SS 7.0 DST

KTB, Germany* SS 9.1 DST, SWC

Kola, Russia” R 122 SWC

* Pine et al. (1983).

® Barton et al. (1988).

¢ Hickman et al. (1997).

d Coyle and Zoback (1988).

Baumgirtner et al. (1998).

Lund and Zoback (1999).

Huenges et al. (1997) and Zoback and Harjes (1997).
Borevsky et al. (1987).

= 08 e o

measured in laboratory experiments (Byerlee,
1978). The datasets presented in Fig. 1 are
augmented by data from shallow depths in the
crust (<3 km), which also substantiate the obser-
vation that the upper crust is critically stressed
according to Coulomb frictional-failure theory
(McGarr and Gay, 1978; Zoback and Healy,
1984, 1992).

Large-scale hydraulic tests and induced seismicity
behavior at these and other locations at depths as great
as 9 km demonstrate convincingly that upper crustal
permeability is generally 10~'"-10""*m? over
lengthscales of 10—1000 m (Townend and Zoback,
2000) and that the associated pore pressures are very
close to hydrostatic levels (Table 1). Geothermal and
metamorphic data also suggest that the permeability
of the upper crust exceeds 10~ '® m? throughout the
brittle crust (Manning and Ingebritsen, 1999).

Using data from the Cajon Pass, Long Valley and
Yucca Mountain USW-G1 boreholes, Barton et al.
(1995) demonstrated that optimally oriented planes
are hydraulically conductive, whereas non-optimally
oriented planes are non-conductive. That is, the faults
that limit the crust’s strength to that predicted using

Coulomb frictional-failure theory, are also responsi-
ble for limiting pore pressures to hydrostatic values.
The authors mapped fracture orientations, along the
length of each borehole, and tested the hypothesis that
optimally oriented faults are associated with localized
thermal anomalies, and, by inference, with localized
flow. The results (Fig. 2) clearly indicate that criti-
cally stressed faults act as fluid conduits and control
large-scale permeability (Townend and Zoback,
2000). This conclusion is supported by data collected
subsequently from boreholes in Dixie Valley, Nevada
(Hickman et al., 1997; Barton et al., 1998). A similar
result was obtained by Ito and Zoback (2000) for
faults and fractures intersecting the Continental
Deep Drilling Program (KTB; Kontinentales
Tiefbohrprogramm der Bundesrepublik Deutschland)
main borehole. The inset in Fig. 2 illustrates the
combined datasets in terms of the ratio of shear stress
to effective normal stress. It is apparent that the mean
of this ratio is approximately 0.6 for the conductive
fractures (consistent with Coulomb frictional-failure
on well-oriented faults), and only ~0.3 for the non-
conductive fractures (indicating that the fractures are
not well oriented).

The characteristic diffusion time (2 for fluid of visc-
osity m and compressibility 3; to diffuse a distance L
through a porous medium with porosity ¢ and
compressibility B, is

L® (s + Bl

Q:
K k

€))

where k = k/(¢fB; + B;)n is the hydraulic diffusivity.
For low-porosity rocks (¢ <0.02) at average
temperatures  of  150°C, B;=4x10"""pa!,
B.=2x10""Pa! and p=1.9x 10" Pas, giving
diffusion times of 2 = 10-1000 years over distances
of 1-10 km, comparable to the thickness of the brittle
crust (Townend and Zoback, 2000). The implication
is, therefore, that over these intervals of time,
pore pressures equilibrate, the crust is effectively
permeable and deep crustal pore pressures are
predominantly hydrostatic.

The resulting hydrostatic pore pressures enable
faults to sustain high differential stresses before fail-
ure (as implied by Eq. (6)), making the brittle crust
stronger than it would be if pore pressures were
higher. In Section 4, we investigate what effect
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Fig. 2. Shear and effective normal stresses on fractures identified using borehole imaging techniques in the Cajon Pass (red diamonds and dots),
Long Valley (yellow triangles and dots), Nevada Test Site (green circles and dots), and KTB (blue squares and dots) boreholes. The larger,
filled symbols represent hydraulically conductive fractures and faults, and the dots represent non-conductive fractures. The inset figure
illustrates the range in shear to normal stress ratio for all four datasets combined. The number of data in each dataset is normalized so that
each dataset has equal weight. Original data from Barton et al. (1995) and Ito and Zoback (2000).

this high strength has on intraplate lithospheric
deformation.

4. The effects of critical stress states and pore
pressures on the strength and deformation of
intraplate lithosphere

There is a relatively straightforward and intuitive
reason why the brittle crust is in failure equilibrium. A
force applied to the lithosphere causes the lower crust
and upper mantle to undergo ductile deformation.
Ongoing ductile creep loads the upper crust, even-
tually to the point of failure (Fig. 3). The amount of

limited to its brittle strength, and any remaining
force is available to cause ductile deformation of the
lower crust and upper mantle. Hence, stress levels in
the upper crust are controlled by its frictional strength,
and lithospheric strain rates are controlled by the
remaining force and the rheological parameters of
the ductile lithosphere. If the brittle and ductile layers
of intraplate lithosphere are coupled, then the entire
lithosphere deforms at the same strain rate (Liu and
Zoback, 1997).

We wish to investigate the roles played by upper
crustal critical stress states and hydrostatic pore
pressures in controlling the distribution of strength
(integrated differential stress, Eq. (1)) in intraplate

force that can be sustained by the upper crust is lithosphere and the rates at which intraplate
X X X X X
T=[\Gp seismogenic zone
X X X Z plate-driving
- > 7 forces
brittle e : ~3x10'2N m™!
ductile
-------------------- 40 km -

£=A exp(-Q/RT) ASSuctile

Fig. 3. Schematic illustration of the layered mechanical structure of continental lithosphere assumed for the strain rate calculations.
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lithosphere deforms. Egs. (7a)—(7c) enables us to esti-
mate how differential stress increases with depth in
the brittle crust based on the critical stress hypothesis.
As is well known, at mid-crustal depths, however, the
temperature is sufficiently high that ductile failure
mechanisms are active at lower differential stress
levels than required for brittle faulting (Sibson,
1983; Chen and Molnar, 1983; Kohlstedt et al.,
1995). Following previous authors, we model the
rheologies of the ductile crust and lithospheric mantle
(Fig. 3) using a power-law creep relationship (e.g.
Brace and Kohlstedt, 1980). In this case, the ductile
strain rate £ is given in terms of the differential stress
by

. Q n
&=A exp(— ﬁ)ASducme (10)
so that
u & 0
ASguciile = " eXP( T ) (11)

Here A, n and Q are material parameters (the flow
parameter, stress exponent and activation energy,
respectively), R is the gas constant and T is the abso-
lute temperature (Ranalli and Murphy, 1987). At any
depth in the crust, we postulate that the rock deforms
by whichever mechanism requires the lower differen-
tial stress, in which case

AS = min(ASyyigies ASquciite) (12)

Clearly, ¢ is nonzero for any nonzero differential
stress, and therefore even in the brittle regime a strain
rate exists such that the rock deforms in a ductile form
at a lower differential stress than required for brittle
failure. However, by invoking the constraint that the
total lithospheric strength be 3 X 10> Nm™' and
assuming that the upper crust, lower crust and litho-
spheric mantle are fully coupled, a single strain rate
for the whole lithosphere can be found.

5. Modeling procedure

Our basic modeling procedure consists of first
calculating the differential stresses required for brittle
and ductile deformation separately, as functions of
depth, and then combining the two profiles according
to Eq. (12) to produce a composite differential stress

profile. Integrating this profile over the thickness of
the lithosphere gives the cumulative strength, which
must equal 3 X 10" N'm™". Note that this technique
differs fundamentally from those of several other
authors (e.g. Sibson, 1983; Ranalli and Murphy,
1987; Kohlstedt et al., 1995) in so far as that the litho-
spheric strain rate is a dependent variable and not a
free parameter.

A generalized lithospheric structure composed of a
16 km-thick felsic upper crust (with rheological prop-
erties of dry Adirondack granulite), 24 km-thick mafic
lower crust (dry Pikwitonei granulite), and 60 km-
thick lithospheric mantle (wet Aheim dunite) is
assumed, based on the composite velocity-depth
model obtained by Christensen and Mooney (1995)
and rheological coefficients from Carter and Tsenn
(1987) and Wilks and Carter (1990). In a semi-infinite
layered half-space with zero temperature at the
surface, the steady-state temperature profile is given
by

2
HiAZ,‘ ] (13)

= i—14z;
T(Z)=Z[q;{. Y

i=1

The volumetric heat production, thermal conductiv-
ity, thickness and basal heat flow of the ith layer are
H;, K(T),Az;and q; = q;—, — H;Az;, respectively. We
have incorporated a very simple heat productivity
model, in which the heat productivities of the upper
crust, lower crust and lithospheric mantle are constant
(cf. Pollack and Chapman, 1977; Chapman and
Furlong, 1992), and equal to 1.1, 0.40 and
0.02 bW m73, respectively (Jaupart et al., 1998;
Rudnick et al., 1998). We assume thermal conductiv-
ity to be a function of both temperature and depth,
according to relations presented by Chapman and
Furlong (1992) and Schatz and Simmons (1972).

Continental-scale stress mapping (Zoback and
Zoback, 1980, 1989, 1991; Zoback, 1992) indicates
that stable continental lithosphere typically exhibits
oblique strike-slip stress states (i.e. S,=3S,). We
have incorporated a strike-slip stress state in the
modeling, with the additional assumption that S, =
S. In this case, differential stress is given as a function
of depth by Eq. (7b).

We treat pore pressures in the lower crust as near-
lithostatic, following the arguments presented by Nur
and Walder (1990). At elevated temperatures,
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Table 2

Values of the parameters used in the lithospheric strength calcula-
tions. Asterisks ( *) indicate those parameters that were varied in
the Monte Carlo routine: each parameter was drawn at random from
a specific normal distribution with the listed mean (X) and standard
deviation (o) such that 30 = 0.2, giving approximately *+20%
variation

Parameter (symbol) Value Units
Density (p) 2800 kgm™?
Coefficient of friction (1) 0.8" -
Thickness (z)

Upper crust 16 km

Lower crust 24 km
Lithospheric mantle 60 km
Conductivity (K)

Upper crust (nominal) 3.0" Wm 'K
Lower crust (nominal) 2.6 Wm 'K™!
Lithospheric mantle (nominal) 3.4" Wm 'K
Heat productivity (H)

Upper crust 1.1 pW m™?
Lower crust 0.4 wW m™?
lithospheric mantle 0.02 pW m™?
Flow parameter (A)

Upper crust 0.08" MPa "s”!
Lower crust 12589" MPa "s”!
Lithospheric mantle 398" MPa " s”!
Stress exponent (1)

Upper crust 3.1 -

Lower crust 4.2* -
Lithospheric mantle 4.5" -
Activation energy (Q)

Upper crust 243" kJ mol ™!
Lower crust 445" kJ mol !
Lithospheric mantle 498~ kI mol ™!

processes of permeability reduction by chemical
precipitation and inelastic deformation are expected
to occur at rates sufficient to preclude rapid fluid
migration, and hence to favor high pore pressures.
Specifically, the permeability of the lower crust
probably does not exceed 10~ m* at 30 km depth
(Manning and Ingebritsen, 1999) implying long
characteristic diffusion times (>10° years) such that
near-lithostatic pore pressures are likely to be
maintained.

Given the temperature—depth profile and an initial
estimate of the ductile strain rate, &, we can calculate
differential stresses in the ductile portion of the upper

and lower crust and lithospheric mantle using Eq.
(11). However, the strain rate calculations involve
several parameters whose values are nonunique
(such as surface heat flow, conductivity, upper crustal
heat productivity, the frictional coefficient, and the
rheological parameters of each layer). We have inves-
tigated the effects of variations in each of these para-
meters using a Monte Carlo technique: 1000 estimates
of each parameter are drawn at random from normal
distributions and 1000 separate models constructed,
so that the jth model is a function of gy(j), K(j),
n(j), etc. Finally, composite temperature—depth,
differential stress—depth and strength—depth profiles
are constructed by stacking the different models’
results. The values of the modeling parameters are
listed in Table 2.

To summarize, we wish to calculate a single
lithospheric strain rate such that the integral of the
differential stress profile is equal to the postulated
strength of the lithosphere, namely 3 X 102 Nm™.
To accommodate uncertainties in the input para-
meters, we perform 1000 Monte Carlo simulations:
for each simulation, we iteratively adjust the strain
rate until the strength criterion is met.

6. Model limitations

We have opted to treat the ductile behavior of the
lithosphere as being dominated by dislocation (power-
law) creep, and have not incorporated diffusion
(linear) creep into the models. Karato and Wu
(1993) suggested that diffusion creep may occur in
the shallow asthenospheric mantle beneath continen-
tal lithosphere but noted that several parameters,
particularly grain size and the dislocation creep acti-
vation volume, make it difficult to accurately deter-
mine the depths at which each mechanism dominates.
We have consequently neglected diffusional effects in
the interests of simplicity.

Additionally, we have used thermal parameters
considered representative of stable continental crust,
and a correspondingly representative lithospheric
structure. However, the rheologies of the lower crust
and mantle are poorly known. For example, if the
mantle had the rheology of dry Aheim dunite — for
which A = 32000 MPa "s ™!, 0 = 498 kJ mol ! and
n = 3.6, (Carter and Tsenn, 1987) — rather than wet,
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Fig. 4. Results of 1000 Monte Carlo calculations for a strike-slip stress state and surface heat flow of 60 = 6 mW m "~

Log (strain rate) (s-1)

2, subject to the constraint

that the total strength of the lithosphere is 3 X 102 Nm™". (a), (b), and (c) are the temperature, differential stress, and cumulative strength
profiles respectively under near-hydrostatic upper crustal pore pressure conditions (A = 0.4), and (d), (e), and (f) are the corresponding profiles
under near-lithostatic conditions (A = 0.9). (g) illustrates the range of calculated lithospheric strain rates under each condition.

it would deform much less rapidly for a given
differential stress. Furthermore, the strength of the
lower crust is modeled here assuming near-lithostatic
pore pressures in the lower crust.

Our modeling procedure accommodates variation
in several of the input parameters (as listed in Table

2) but we have not allowed the strength constraint to
vary. 3 X 10> Nm™" is an intermediate estimate of
the strength of the lithosphere (see Kusznir, 1991)
and we have decided to fix this value in order to
facilitate interpretation of the differential stress and
strength profiles.
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7. Results

Fig. 4 illustrates the modeling results corresponding
to surface heat flow of 60 =6 mW m > (mean £
10%), representative of stable continental heat flow
(data from Pollack et al., 1993). The uppermost
plots (a—c) display the model results assuming hydro-
static pore pressures in the upper crust (for which A
defined in Eq. (8) is approximately 0.4), and the three
middle plots (d—f) display the corresponding results
for near-lithostatic pore pressures (A = 0.9). Note that
the temperature—depth profiles are the same in both
cases. At the bottom of the figure is a histogram (g)
illustrating the range of estimated strain rates under
each pore pressure condition: the strain rates are
distributed log-normally. Strain rates are distributed
about a geometric mean of approximately 10~ ¥ s~!
under near-hydrostatic upper crustal pore pressure
conditions. In comparison, under near-lithostatic
pore pressures, the average strain rate is approxi-
mately 1075 57"

Additionally, differences in the distribution of
strength within the lithosphere can be clearly
observed by comparing plots (c¢) and (f). For the
strike-slip stress state and hydrostatic pore pressures,
the 16 km-thick upper crust provides
~1.5% 10”2 Nm™" (1/2) of the total lithospheric
strength, whereas it accounts for ~0.5 X 102 Nm™!
(1/6) under near-lithostatic pore pressures.

The significance of the strain rate results can be
appreciated by comparing them with the value of
1077 57! given above for the maximum intraplate
strain rate. On the basis of our models, strain rates
under near-hydrostatic upper crustal pore pressure
conditions and stress and thermal regimes
characteristic of intraplate regions are likely to be
less than 1077 s™', whereas they are likely to
substantially exceed 10~"7 s~' under near-lithostatic
pore pressure conditions. The latter rates are greater
than those observed in stable continental lithosphere
and it therefore appears that the lithosphere’s rigidity
may be controlled by upper crustal pore pressures.

Note, however, that for lower surface heat flows of
50 = 5 mW m > — such as are typical of Proterozoic
and Archean cratonic crust (after Pollack et al., 1993)
— strain rates are lower than 102" s™! under either
pore pressure regime. We suggest, therefore, that in
intraplate regions with other than very low heat flow,

hydrostatic pore pressures in the upper crust give the
lithosphere sufficient rigidity for plate tectonics to
occur. In low heat-flow regions of stable continental
crust, pore pressures do not seem to play a significant
role in determining lithospheric strain rates.

8. Conclusions

Numerous data obtained from deep boreholes
worldwide reveal that upper crustal permeabilities
are sufficiently high (10~""—=107'® m?) that pore pres-
sures attain hydrostatic values over geologically short
periods of time (10—1000 years). These high perme-
abilities appear to be maintained by hydraulically
conductive, critically stressed faults. Such faults
limit the strength of the brittle crust and, since the
ductile lithosphere is postulated to deform at any finite
differential stress, the strength of the lithosphere as a
whole. Given therefore that the crust is both critically
stressed and capable of sustaining tectonic stresses of
approximately 3 X 10> Nm™', the strength of intra-
plate lithosphere must equal the imposed plate
tectonic stress.

We have used a total force constraint on models of
lithospheric strength profiles to determine at what
strain rates intraplate lithosphere deforms. We esti-
mate that under strike-slip stress regimes and thermal
conditions representative of stable continental
regions, hydrostatic upper crustal pore pressures are
associated with strain rates of less than 107 s7!,
whereas lithostatic pore pressures produce unrealisti-
cally high strain rates: the lithosphere cannot deform
more rapidly than approximately 107"7s™' or
lithospheric plates would not be sufficiently rigid for
plate tectonic processes to occur on time scales of
millions of years. We conclude, therefore, that
hydrostatic pore pressures in the upper crust are
necessary in other than very low heat flow regions
for the lithosphere to deform sufficiently slowly that
plates behave as if rigid, and hence for plate
reconstructions to be possible.
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Appendix A
A.l. Stress relations for a critically stressed fault

To obtain Eq. (5), we substitute Egs. (2) and (3) into
the Coulomb frictional-failure criterion, Eq. (4):
T= uo,
S — 83

Tsin 20 = ,u[

S1+S3_2Pf +S]_S
2 2

3 cos 26]

which we rearrange to give
S — Py sin20+ w(l — cos 20)

Sy — Py sin20 — u(l + cos 26)

_cos ¢+ u(l + sin ¢)
~ cos ¢ — m(l — sin )

since ¢ =260 — w/2 for a critically stressed fault.

Next, w=tan ¢, so that sin ¢ = w/y/u> + 1 and
cos ¢ = 1/\//u¢2 + 1, in which case the relation
simplifies to

Si—P _ Nt l+p 2 /
= =142u" +2um/u* + 1

S3 — Py w+1l—pu

)

as required.

Likewise, we can obtain Eq. (6) by expressing Eqgs.
(2) and (3) in terms of the differential and mean stres-
ses,

AS....
r= Sbrlttle sin 26

and

_ AS,..
o,=8—P;+ 7}’2“16 cos 20
On substituting 7 and o, into Eq. (4) and simplify-
ing we obtain
21 _
(

ASpime = ———H (3
britile ™ 5in 20 — ucos 20

— Py)

where, as above, we can rewrite the equations in terms
of ¢, and make use of the trigonometric relationships
between ¢ and u to give

2 _
ASpritie = £ : (§—Py)

JZ 1

A.2. Stress—depth relations for critically stressed
crust

Egs. (7a)—(7c) can be obtained by substituting the
appropriate expressions for S; and S; (listed below)
into Eq. (5) and rearranging

e normal — §; =S, = pgz, S3 = pgz — ASpie

o strike-slip — S, =S8,=pgz, S =pgz+
ASuritie/2, S3 = pgz — ASprite/2

o reverse — S3 =S, = pgz, S| = pgz + ASyise-
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